Two numerical ocean models are used to study the baroclinic response to forcing by localized wind stress curl (i.e., a wind-forced b plume, which is a circulation cell developing to the west of the source region and composed of a set of zonal jets) with implications for the Hawaiian Lee Countercurrent (HLCC): an idealized primitive equation model [Regional Ocean Modeling System (ROMS)], and a global, eddy-resolving, general circulation model [Ocean General Circulation Model for the Earth Simulator (OFES)]. In addition, theoretical ideas inferred from a linear continuously stratified model are used to interpret results. In ROMS, vertical mixing preferentially damps higher-order vertical modes. The damping thickens the plume to the west of the forcing region, weakening the near-surface zonal jets and generating deeper zonal currents. The zonal damping scale increases monotonically with the meridional forcing scale, indicating a dominant role of vertical viscosity over diffusion, a consequence of the small forcing scale. In the OFES run forced by NCEP reanalysis winds, the HLCC has a vertical structure consistent with that of idealized b plumes simulated by ROMS, once the contribution of the North Equatorial Current (NEC) has been removed. Without this filtering, a deep HLCC branch appears artificially separated from the surface branch by the large-scale intermediate-depth NEC. The surface HLCC in two different OFES runs exhibits sensitivity to the meridional wind curl scale that agrees with the dynamics of a b plume in the presence of vertical viscosity. The existence of a deep HLCC extension is also suggested by velocities of Argo floats.
Introduction a. Background

1) DEFINITION OF A b PLUME
A b plume (Rhines 1994 ) is the anisotropic large-scale ocean circulation induced by a localized vorticity source (associated with fluxes of momentum, heat, or mass). The basic dynamics of b plumes can be described with linear models that allow for analytical solutions (Stommel 1982; Pedlosky 1996) . In such models, the steady-state response to a localized patch of wind curl is a zonally elongated gyre consisting of a pair of zonal jets extending to the west of the forcing region, which is established by the westward radiation of barotropic and baroclinic Rossby waves.
2) SMALL-SCALE PATCHES OF WIND CURL
Compact vorticity sources arising from small-scale wind stress curl are present in many regions of the World Ocean (Chelton et al. 2004) . They can appear at the oceanic mesoscale as a result of air-sea interaction over SST fronts (e.g., Small et al. 2008) , surface currents (Cornillon and Park 2001; Kelly et al. 2001) , or from orographic effects near coastlines and islands (Xie et al. 2001; Jim enez et al. 2008) . The resulting patterns of small-scale wind curl differ markedly, from monopoles (e.g., next to the coast) and dipoles (e.g., next to an island) to more complicated structures (e.g., in the Southern Ocean), on horizontal scales of 10-1000 km (Chelton et al. 2004) . It has been hypothesized that the Hawaiian Lee Countercurrent (HLCC; Qiu et al. 1997) may be interpreted as a prominent example of a b plume forced by such winds: the tall volcanoes of the island of Hawaii block the trade winds, inducing a small-scale wind stress-curl dipole downstream of the island; it generates the narrow near-surface HLCC, which flows eastward against the large-scale westward North Equatorial Current (NEC; Xie et al. 2001 ).
3) PREVIOUS STUDIES
Previous studies of b-plume dynamics have used barotropic (Haidvogel and Rhines 1983; Waterman and Jayne 2012) , reduced-gravity (Davey and Killworth 1989; € Ozg€ okmen et al. 2001) , or other simplified models with a small number of vertical layers (Spall 2000; Kida et al. 2008 Kida et al. , 2009 . Although such models can simulate basic b-plume features, they are not able to simulate its vertical structure realistically because of their limited vertical resolution.
b. Present research
In this paper, we investigate the vertical structure of b plumes using two numerical models: the Regional Ocean Modeling System (ROMS; Shchepetkin and McWilliams 2005; Haidvogel et al. 2008) , forced with an idealized, small-scale wind pattern with a quasi-monopole curl; and the Ocean General Circulation Model for the Earth Simulator (OFES; Masumoto et al. 2004 ). The former model is useful for isolating basic physics, and the latter provides simulations of the HLCC that are as realistic as possible. To help with the dynamical interpretation of the numerical results, we use theoretical ideas inferred from a linear continuously stratified (LCS) model. Finally, to check the realism of the OFES solutions, we compare them with observations of surface and deep flow derived from trajectories of Argo floats (Lebedev et al. 2007 ).
Models and data
Idealized solutions are obtained using ROMS, which solves the hydrostatic primitive equations with stretched sigma coordinates on 32 vertical levels. ROMS is used at a resolution of 1 /128 in a closed rectangular subtropical domain (208-408N, 608 zonal extent) with a flat bottom of depth H 5 4000 m. Each run starts from no motion and from horizontally uniform stratification typical for the eastern part of the North Pacific subtropical gyre Locarnini et al. 2010) . Subgridscale vertical mixing is parameterized by a constant Laplacian viscosity n of 10 24 m 2 s 21 and diffusivity k of 10 25 m 2 s 21 . A 50-km-wide sponge layer is used along the lateral boundaries to resolve the western boundary Munk layer and to damp Kelvin waves. Horizontal viscosity and diffusivity increase linearly within the sponge layer from zero at the interior to 700 m 2 s 21 along the solid boundaries. There is no explicit horizontal mixing outside the sponge layer; the model relies on a thirdorder upstream-biased advection operator for horizontal mixing. The idealized model is forced at the surface with a steady anticyclonic wind vortex generated by a Gaussian streamfunction located in the center of the domain from the vortex center, which corresponds to a typical value for the deformation radius of the first baroclinic mode at 308N in the eastern Pacific (Chelton et al. 1998) . Such a weak forcing ensures that the model remains in a linear regime, that is, the horizontal advection terms are insignificant and the formation of eddies is prevented. The associated curl consists of a negative central region surrounded by a weaker positive ring, a quasi-monopole ( Fig. 1b and appendix A). Because the system is linear, the response to an arbitrary compact forcing (dipole, band, etc.) can be expressed as a linear combination of the responses to monopoles of this sort. Heat and freshwater fluxes are set to zero. The time step of the integration is 20 min for the baroclinic response and 20 s for the barotropic mode. Simulations are run for 10 years after a 20-yr spinup, by which time they are close to a steady state. The baroclinic structure of the HLCC is investigated by analyzing two solutions to OFES as well as currents estimated from Argo data. OFES is a global eddyresolving (0.18) model with 54 vertical levels and with vertical mixing parameterized using the K-profile parameterization (KPP) scheme (Large et al. 1994) . As in Sasaki and Nonaka (2006) , we compare OFES simulations forced by the National Centers for Environmental Prediction (NCEP)-National Center for Atmospheric Research (NCAR) reanalysis (Kalnay et al. 1996) winds (OFES-N) et al. 2007 ). In addition to mean velocities, the dataset contains values of standard deviation and data density. Uncertainties in the velocity estimates are substantial and are discussed in appendix B.
Results
a. Idealized b plume
The strength of the linear, inviscid b plume is set by the Sverdrup balance (Sverdrup 1947) ,
where b is the meridional gradient of the Coriolis parameter f, C is the barotropic streamfunction, t is the surface wind stress, and r b is the average density of the water column in the study region. As shown in appendix A, the barotropic circulation that forms in response to the localized anticyclonic wind vortex [(A3)] consists of three b-plume cells: a main anticyclonic cell aligned with the vortex center and two weaker cyclonic cells on its flanks (Fig. 2a) . Four zonal jets, fringing these cells, extend from the forcing area to the western boundary. Because (1) holds outside the sponge layer along the western boundary, the barotropic flow of the numerical solution (Fig. 2b) agrees well with the analytical solution (Fig. 2a) . To the west of the forcing region, the flow is purely zonal and independent of longitude in accordance with (1). Unlike the barotropic transport, the surface jets decay westward (Fig. 2c) . The decay is due to the momentum redistribution between the upper ocean and the interior. Indeed, the bottom of the main eastward jet deepens with distance from the source, leading to the emergence of deep flow far from the forcing region ( Fig. 3a ; see also b. Application to the HLCC
1) OFES SOLUTIONS
Similar to the idealized b plume (Fig. 2c) , the HLCC surface flow features a westward decay in both OFES simulations (Figs. 4a, b; see also Figs. 8c, d , described in greater detail below). A notable difference between the two solutions is the HLCC zonal extent: whereas the surface HLCC does not appear to extend beyond ;1758W in OFES-Q (Fig. 4b ), in agreement with surface drifter data (Qiu et al. 1997; Yu et al. 2003; Lumpkin and Flament 2013) , it extends much farther west in OFES-N, as evident in the patches of eastward current found along the HLCC axis between 1508 and 1558E and the date line (Fig. 4a) . As shown in section 4, these differences may be partly because of the horizontal scale of the forcing.
Regarding the vertical structure of the flow to the west of Hawaii along the HLCC axis, both simulations have the eastward-flowing HLCC in the upper ;200-m depth with maximum velocities of 6-8 cm s 21 ; it lies on top, and to the east, of the westward-flowing NEC, which extends down to ;600-m depth, with maximum velocities exceeding 10 cm s 21 near the western boundary and with weaker currents of 1-2 cm s 21 to the east of 1708E (Figs. 5a and 6a). These results are in agreement with the geostrophic velocities derived between 1708E and 1608W by Yoshida et al. (2011) from Argo hydrographic data over 2005-09. Note that the HLCC core is located below the surface at ;30-m depth in both simulations and tends to extend farther west compared to its surface signature (see the thin layer of near-surface westward flow in Figs. 5a and 6a), to 1308-1408E for OFES-N and 1408-1508E for OFES-Q (horizontal maps not shown) instead of 1508-1558E for OFES-N and ;1758W for OFES-Q at the surface (Fig. 4) ; this westward extent is in agreement with the hydrographic data of Kobashi and Kawamura (2002) and of Aoki et al. (2002) studies that lack deep flow observations. In OFES-N, this deep current seems to originate a few degrees to the west of the Hawaiian Islands, underneath the HLCC at its location of maximum velocity, and deepens toward the west; for example, the 0.5 cm s 21 contour reaches depths of 1000-1200 m near 1408E (Fig. 5a ). In OFES-Q, the two currents are separated by westward flow near ;1638W (Fig. 6a) . The subsurface eastward current appears to continue to the east of Hawaii and to shoal until it reaches the near surface at the basin eastern boundary, near the coast of Mexico in both simulations (Figs. 5a and 6a), challenging the hypothesis of an islandinduced flow. Still, there is a clear step in the deep flow magnitude in OFES-N, from 0-0.5 cm s 21 to the east of Hawaii to 0.5-1 cm s 21 to the west of the islands (Fig. 5a ), which suggests a contribution of the HLCC b plume. Although not as marked, there is also a jump in OFES-Q (Fig. 6a) , as indicated by the vertical extent of the 0.5 cm s 21 closed contours that is smaller to the east (;150 m) compared to the west (;400 m) of the islands.
In fact, the connection between the deep flow and the surface HLCC in both OFES simulations is best revealed by removing the large-scale NEC flow. Indeed, to extract the narrow HLCC signal from the OFES-N (OFES-Q) solution, we isolate it from the broad NEC using a high-pass filter in y with a Hann window of 108 (68) half-width. This filtering allows for the HLCC to be compared more easily to the idealized experiments presented in section 3a, which do not contain any background flow. The different filter widths chosen for the two OFES solutions are related to the different HLCC meridional scales, which are related to different scales of the wind products (see below).
High , extending roughly from the western boundary to the date line. This limits to some extent our interpretation, although the striking similarity between the ROMS and OFES-N model results suggests it is not a critical issue. In OFES-Q, the deep flow appears to achieve its maximum directly below or possibly even to the east of the maximum near-surface flow and remains at , unlike the idealized model. An apparent core of the subsurface eastward flow seems to be deepening when looking at unfiltered data ( Fig. 6a ), but this is deceptive because this feature is due to the superimposition of the constantdepth deep eastward flow ( Fig. 6c) with the deepening westward-flowing NEC (Fig. 6b ). Yet, the presence of the subsurface eastward flow seems to be related to the presence of the island and possibly the HLCC. Indeed, while large horizontal scales show coherent flow structure at all depths across the basin (Fig. 6b) , small meridional scales show distinct structures on both sides of the island (Fig. 6c) . The eastward flow found to the east of Hawaii that deepens westward is much weaker than its counterpart found to the west of Hawaii and changes sign on multiple occasions, unlike the latter (Fig. 6c ). In addition, it is capped by weak westward flow that also deepens westward, but is not found to the west of the island. As expected, any eastward surface flow found to the east of Hawaii is much weaker than the HLCC. The discrepancy between the deep flows in OFES-Q on the one hand and in both OFES-N and the idealized model on the other hand may be the result of air-sea interaction or nonlinear dynamics (see below).
The figures also reveal that the surface jets extend as far west as ;1308E, but are significantly weaker to the west of ;1708W in both runs (Figs. 5c and 6c) . This decay is consistent with Sasaki and Nonaka (2006) , who reported the HLCC termination in OFES near the date line. Noteworthy is that whereas the maximum eastward velocity of the near-surface HLCC is located at about ;30-m depth in the unfiltered data (Figs. 5a and 6a), it is located at the surface in the meridionally filtered data (Figs. 5c and 6c). In fact, there is a very thin layer of intensified westward flow (purple color) very close to the surface in the low-pass-filtered data (Figs. 5b and 6b). These features are likely due to large-scale near-surface Ekman drift, which has a slight westward component associated with the northeasterly trade winds (not shown). On the other hand, the surface current zonal decay scale is shorter in OFES-Q ( Fig. 6c ) than in OFES-N (Fig. 5c ). This is particularly obvious in horizontal maps of the high-pass-filtered surface flows (Figs. 8c, d) .
To further show that the deep eastward flow below the HLCC in OFES-Q is related to the presence of the island and hence likely a deep HLCC extension, horizontal maps of high-pass-filtered surface and deep flows are shown in Figs. 7a and 7b. From these figures, it is clear that while zonally coherent eastward flow is found along the HLCC axis to the west of Hawaii both at the surface and 1000-m depth, no such coherence is found to the east. Some striated pattern resembling features previously found in both observations (Maximenko et al. 2008 ) and numerical models (Centurioni et al. 2008; Melnichenko et al. 2010 ) may be seen to the east of the island, but they are weaker, noisier, and not aligned with the HLCC.
Figures 8a and 8b show the 1999-2008 mean barotropic zonal transport per unit width in OFES-N and OFES-Q, respectively, after the high-pass filtering is applied. Consistent with the Sverdrup dynamics, both runs exhibit zonally stretched cyclonic and anticyclonic circulations to the west of the island of Hawaii, aligned with the regions of positive and negative wind stress curl (white contours), respectively; these circulations give rise to the HLCC between them and strengthen the NEC on the outer flanks. The wind stress-curl dipole is much broader and somewhat weaker in the coarse NCEP wind data compared to the higher-resolution QuikSCAT data (Figs. 8a, b) , as previously noted by Sasaki and Nonaka (2006) . As a result, the HLCC meridional scale is larger for OFES-N (;38) compared to OFES-Q (;28).
One discrepancy between the OFES HLCC and the idealized b plume is the relative decay of the barotropic and surface flows. In the idealized model, the surface flow decays westward, while the barotropic flow extends to the western boundary without decay (Fig. 2) . Although stretching over distances of several thousand kilometers, the HLCC barotropic transport decays westward in the OFES simulations, particularly in OFES-Q (Figs. 8a,b; see also Fig. 10 , described in greater detail below). In OFES-N, although the barotropic flow drops steeply by ;40% near 1658W, it is nearly zonally uniform between 1658W and 1708E ( Fig. 8a) , while the surface flow decays by ;60% over the same longitude range (Fig. 8c) , similar to the idealized b plume (Fig. 2b ). The analogy with the latter is limited to the west of 1708E where the OFES-N barotropic flow encounters a meridionally oriented topographic barrier (not shown) and drops again by ;50% (possibly as a result of topographic steering and associated vortex stretching, which are not represented in the idealized model), while the surface flow appears undisturbed (Figs. 8a, c) . In contrast, in OFES-Q both the zonal transport of the HLCC and the surface flow decay westward from about 1608W to 1808 with approximately the same rate and are slightly tilted southwestward (Figs. 8b, d) . As shown below, the former feature is likely due to the QuikSCAT wind stress curl pattern and underlying air-sea interaction in the far field, which is absent in the NCEP data (Xie et al. 2001; Sasaki and Nonaka 2006) , while the latter feature may be the result of nonlinear stress, including eddy fluxes.
Two processes contributing to the barotropic flow but not represented in the idealized model may be responsible for the discrepancy between the OFES and ROMS solutions. On the one hand, nonzero wind stress curl forcing to the west of Hawaii can modify the Sverdrup flow in the far field (Xie et al. 2001) . On the other hand, the HLCC is dominated by mesoscale eddies (Holland and Mitchum 2001; Calil et al. 2008; Yoshida et al. 2010; Jia et al. 2011) , which may contribute to its early termination via horizontal mixing (Yu et al. 2003) and/or vertical momentum transfer due to eddy form stress, which are not taken into account here.
The eddy kinetic energy (EKE) fields of the OFES-N and OFES-Q solutions are represented in Figs. 9a and 9b, respectively. Eddy activity along the HLCC is of the same order in the run forced by QuikSCAT as that in the run forced by NCEP, if not slightly weaker. This property suggests that eddy-induced horizontal mixing may not be responsible for the shorter extent of the barotropic flow in OFES-Q. Figure 10 represents the total transports to the west of Hawaii in OFES-N and OFES-Q, as well as those computed from the NCEP and QuikSCAT wind stress
curl fields, using the Sverdrup balance [(1)] and the depth-integrated continuity equation [(A4)] . Both the total transports and the wind stress curls have been meridionally high-pass filtered, with the filter characteristics presented earlier, in order to focus on scales relevant to the HLCC barotropic flow and forcing fields. After a sharp increase in the island lee where the forcing is located, the Sverdrup zonal transport per unit width induced by the NCEP winds (thick solid line) increases more progressively between ;1658W and ;1608E before reaching an almost constant value of ;33 m 2 s 21 farther west. This results from a weak quasi-zonal wake extending the NCEP wind stress curl Hawaii dipole westward to ;1608E, and from the absence of coherent small-scale wind structures in the region farther west (not shown). In the absence of small-scale structures in the NCEP coarse-resolution SST forcing, the wind stress curl wake is likely the sole result of the low-level flow perturbation by the Hawaiian orography. In contrast, the Sverdrup zonal transport per unit width forced by the QuikSCAT winds (thick dashed line on Fig. 10 ) increases from the island lee to ;1708W where it reaches a maximum of ;43 m 2 s
21
, and then decreases progressively westward by 35%-40%, down to 26-27 m 2 s 21 at 1308-1408E. The larger Sverdrup transport in the island lee in OFES-Q is due to the stronger and meridionally narrower wind stress curl compared to OFES-N (Figs. 8a,b) . The decrease to the west of ;1708W results from a southwestward shift of the zonally elongated QuikSCAT wind stress-curl dipole (not shown). Hence, at the latitude of the island of Hawaii, both the curl and its meridional gradient change sign rapidly in the westward direction due to this tilt. This implies a westward weakening of Sverdrup zonal transport. The tilt in the curl dipole results partly from air-sea interaction over the HLCC caused by the eastward advection of western Pacific warm waters, which tends to extend the dipole in the far field where the HLCC axis is also tilted meridionally (Xie et al. 2001; Sasaki and Nonaka 2006) . Such air-sea coupling over the warm HLCC tongue is not represented in NCEP but is captured by QuikSCAT. However, the linear Sverdrup response itself is not responsible for the tilt in the HLCC because the far-field curl dipole is too weak to generate eastward Sverdrup flow to the south (not shown). Thus, the tilt in the HLCC is likely due to nonlinear stress associated with the background flow, eddies, and/or topographic steering (Kessler et al. 2003) .
The total HLCC barotropic transports in OFES-N (thin solid line in Fig. 10 ) and OFES-Q (thin dashed line) are entirely explained by the Sverdrup response in the island lee until 1608-1658W where they reach their respective maxima, before decaying westward as a result of nonlinear effects. The faster decay in OFES-Q appears qualitatively consistent with the wind curl pattern to the west of Hawaii in the QuikSCAT winds, although it is possible that differences in eddy fluxes between the two simulations also play a role. With similar large-scale winds in NCEP and QuikSCAT (not shown) and the same bottom topography in the two OFES runs, it is unlikely that advection by the background flow and topographic steering play any significant role in the faster decay of the OFES-Q barotropic flow.
However, the OFES-Q barotropic flow decreases not only due west but also upstream (southwestward) along the tilted HLCC (Fig. 8b , thin dotted line in Fig. 10 ). Unlike the region farther north, the transport to the west of ;1608E along the tilted HLCC is directed eastward (cf. thin dashed and dotted lines in Fig. 10 ). The Sverdrup flow taken along the same tilted axis also decays to the west of ;1658W with a similar, although perhaps slightly faster decay rate (thick dotted line) compared to the total transport (thin dotted line). Compared to the Sverdrup flow taken along the 18.58-19.58N latitude band (thick dashed line), that taken along the tilted HLCC is twice weaker at most and decays faster (thick dotted line). That is because the Sverdrup flow is almost purely zonal and flows westward south of ;18.58S (not shown). Thus, the slightly faster decay along the tilted HLCC compared to total transport suggests that nonlinear stress may be responsible for the tilt and may act to reduce the decay induced by the far-field small-scale wind pattern. Further studies will be needed in order to test this hypothesis.
The baroclinic b plume generated by the QuikSCAT curl pattern to the west of Hawaii that is acting in opposition to the dipole in the island lee may partially cancel the deep eastward flow below the HLCC. This may explain the different vertical structure of the HLCC in OFES-Q (Fig. 6c ) compared to that in OFES-N (Fig. 5c ). On the other hand, it also possible that the differences in nonlinear stress between the two simulations, eddy fluxes in particular, play a role in these differences in the baroclinic flow structure.
2) OBSERVATIONS
The YoMaHa 0 07 ensemble-mean zonal velocities, derived from trajectories of Argo floats and filtered with the high-pass filter used for OFES-Q, are used to assess the observed HLCC vertical structure. Whereas the surface jet is strongest in the lee of Hawaii (Fig. 7c ), the deep current there is weak but appears to the west of ;1658E as a quasi-zonal jet extending 158-208 in the zonal direction (Fig. 7d) . Despite the large error in deep velocity estimates (Fig. B2c) , the presence of a coherent zonal band in the deep flow standard deviation between 1408 and 1758E (Fig. B2b) suggests that the deep eastward flow aligned with the surface HLCC axis is not a sampling artifact. The data appear qualitatively consistent with the idealized model (Figs. 2c,d) , with a surface flow decay and a deep flow strengthening in the westward direction (Figs. 7c,d) , which may be a deep extension of the HLCC. However, as one might expect given all the limitations of the YoMaHa 0 07 data (appendix B), the quantitative agreement between the deep flows in YoMaHa 0 07 and OFES-Q is poor and the comparison is complicated by noise and multiple local maxima (Figs. 7b,d ). It should be noted in particular that interpolation artifacts in the YoMaHa 0 07 data may introduce noise in the meridionally high-pass-filtered velocity fields, which are least constrained in the interpolation originally designed to capture large-scale features (Lebedev et al. 2007 ).
To allow a sharper comparison of the HLCC vertical structure in OFES-Q and YoMaHa 0 07, enlargements of the spatially filtered surface and deep zonal currents already shown in Fig. 7 are presented in Fig. 11 . Despite the large observational noise, the model and observations are generally in good qualitative agreement at the surface in terms of typical amplitudes in the island lee (8-10 cm s 21 to the east of 1708W) and location of the HLCC and associated westward jets, with a clear decay and southward shift in the upstream (westward) direction (Figs. 11a,b) . The simulated currents in the far field are, however, roughly twice weaker than the observed (typically 2-3 cm s 21 and 4-6 cm s 21 to the west of 1708E, respectively) and tend to be broader than the observed estimates. This suggests a stronger decay in the model, although the low signal-to-noise ratio of the YoMaHa 0 07 data does not allow the drawing of any firm conclusions. On the other hand, the observed deep eastward jet appears to strengthen to the west of ;1708E and is stronger than the modeled counterpart there (which may be partly related to temporal sampling-see appendix B), whereas the modeled one is more zonally uniform with a few meanders (Figs. 11c,d) . Moreover, the observed flow is patchier and less continuous to the east of ;1708E. Despite these differences, the coincidence of their positions and zonal orientations is remarkable, although with a potentially large error in the YoMaHa 0 07 flow field (appendix B), their correspondence is not conclusive.
It is also worth noting that the qualitative consistency with the idealized model results does not prove unequivocally that the far-field deep jet-like velocities are the result of the b-plume dynamics described in this study. Indeed, it is possible that the mean deep eastward flow maximum near 1608E is simply associated with the surface flow maximum at the same longitude (Figs. 7c,d and 11b,d), both being signatures of energetic mesoscale eddies for instance. However, this hypothesis appears less likely because far-field surface and deep flows are eastward transports are represented. For simplicity, the eastern limit of the zonal integration used in the Sverdrup calculation is taken as 1558W, thereby ignoring the winds to the east of the islands, and the presence of islands is also ignored.
poorly correlated: unlike the mean deep flow, the mean surface flow does not feature a zonally coherent band of elevated velocities at 1458-1658E, but a rather patchy structure (Figs. 7c,d, and 11b,d ). The same conclusion holds for the spatially high-pass-filtered maps of zonal current standard deviation at the surface (not shown) and at 1000 m (not shown but essentially identical to 
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the far-field jets are located along the axis of the surface HLCC. In addition, unlike the OFES-Q outputs, the YoMaHa 0 07 data show no evidence of such striations to the east of the islands, which is probably because they are weak and somewhat noisy even in altimetric data (Maximenko et al. 2008 ). This casts doubt on whether such weak signals may leave such a clear signature in the time-mean deep flow to the west of Hawaii (Fig. 7d) . Besides, the deep tropical jets are zonally coherent across the whole basin in both YoMaHa 0 07 and OFES-Q (Figs. 7b,d) , unlike the deep jet to the west of Hawaii. Noteworthy, the far-field deep jet at 1458-1658E appears as perhaps the most clearly defined extratropical quasizonal jet at 1000-m depth in the YoMaHa 0 07 dataset globally (Ascani et al. 2010; their Fig. 2) .
To the best of our knowledge, a deep HLCC extension, reaching 1000-m depth, has not been discussed previously, although fragmentary hints on such deepening can be found in published material. For example, in situ data collected along meridional transects to the west of Hawaii show a westward deepening of the HLCC (Qiu and Durland 2002) , although these observations are limited to two sections conducted at 1658W (in September-November 1994) and 1798E (in JulyAugust 1993) and do not extend below 250-m depth. In addition, a deep (450-1100 m) HLCC extension was also found in a 4½-layer model by McCreary et al. (2007) .
Theory
The westward reduction in vertical shear, which takes place in both the idealized b-plume simulations and the HLCC, suggests a possible damping of baroclinic Rossby waves with a preference for higher-order vertical modes. Without nonlinearities in the ROMS model, such damping must be from vertical mixing of density (diffusion k) or momentum (viscosity n) or both. A test run with k increased by an order of magnitude, shows that the flow vertical structure is indeed sensitive to k (Fig. 3c) : changes in the zonal direction take place over much shorter distances than in the control run (Fig. 3a) . On the other hand, the baroclinic flow is even more sensitive to n (Fig. 3d) : zonal scales are smaller when viscosity is increased by a factor of 10 than when diffusion is increased by a factor of 10 (Fig. 3c) . Other experiments in which k and n are separately reduced by a factor of 10 exhibited consistent results, that is, larger zonal scales for the baroclinic flows, especially when viscosity is reduced (not shown). Thus, the model is sensitive to mixing strength for a realistic range of values, and so it suggests that both vertical viscosity and diffusion may have important effects on the flow structure in the real ocean. Given that vertical viscosity is not usually important for the large-scale ocean circulation below the Ekman layer, such strong sensitivity to viscosity is surprising.
An LCS model (e.g., McCreary 1981; appendix C) provides a useful framework for understanding the basic properties of our solutions. In this model, solutions are represented as expansions in a complete set of barotropic and baroclinic modes. For our purposes, the key simplifying assumptions are that the background V€ ais€ al€ a frequency N depends only on z, and that
where s 5 n/k is the Prandtl number and A is a constant, so that the mixing coefficients vary with depth. Because n and k are constant in our numerical solutions, we evaluate the LCS equations for constant N, using a typical value in the interior ocean (e.g., 10 24 s 21 for the subtropical North Pacific). Solving (C9) for a single equation in p n alone gives the quasigeostrophic potential vorticity equation (appendix C)
where p n is the expansion coefficient of the pressure p, c n is the phase speed of the nth mode gravity wave, F n and G n describe how zonal and meridional wind stress couple to each mode, and subscripts x and y indicate a partial derivative with respect to x and y, respectively. Solutions to (3) provide the p n field of the b plume forced by the winds. The n and k terms on the left-hand side of (3) determine the westward decay of the plume because of vertical mixing. An estimate of the relative importance of diffusion versus viscosity in the decay is the ratio of the first two terms in (3),
where R n 5 c n /f 5 c 1 /(nf) is the nth deformation radius, and R is the horizontal scale of the wind curl (appendix D), chosen here as the distance from zero to maximum wind stress (section 2). According to (4), viscosity (diffusion) determines the decay when M n ( 1 (M n ) 1), that is, the forcing has a meridional scale R that is small (large) compared to the deformation radius R n times p ffiffiffi ffi s p /2 [which is ;5 when s 5 10, the value used in ROMS and a reasonable estimate for the real ocean- Pedlosky (1996) ]. Note that M n scales like n 2 so that, even if M 1 ( 1, M n will be much greater than 1 for n larger than a critical value n 0 . In the ROMS simulations, we estimate M 1 ' 0.04 and n 0 ' 6 (Table 1) , which explains why the baroclinic flow is sensitive to both k (Fig. 3c) and n (Fig. 3d) , but more so to the latter. In the OFES solutions, assuming an average value of s ; 10 (s varies greatly with the KPP formulation), M 1 has larger values but still smaller than one, while n 0 is strictly larger than one (Table 1) . Thus, while vertical diffusion likely plays a more important role in the OFES HLCC compared to the idealized simulations, vertical viscosity is still the dominant mixing process responsible for the HLCC westward deepening. On the other hand, the 18 QuikSCAT data used to force OFES ) exhibit only one curl dipole near Hawaii (Fig. 8b) , whereas 0.258 data have dipoles in the lee of each island (Chavanne et al. 2002; Yoshida et al. 2011) . Using the same method, we estimate M 1 ' 0.02 and n 0 ' 8 ( Table 1) , so that the effect of viscosity likely dominates largely that of diffusion in the real HLCC, similar to the idealized simulations.
To estimate the zonal decay scale associated with each baroclinic mode when either viscosity or diffusion dominates, (3) can also be used. Specifically,
are the e-folding zonal scales for viscosity and diffusion, respectively (appendix D). According to (5), the scales are smaller when mixing is enhanced (Figs. 3c,d ), and they decrease with increasing n (preferential damping of higher-order modes). Furthermore, L n increases quadratically with the meridional scale of the forcing R, whereas L k does not vary with R. This latter statement arises from the fact that the k term in (3) is directly proportional to p n , whereas the n term involves the second meridional derivative of p n . It is useful to go back to the vertical mode primitive equations (C9) to understand the origin of such different relationships to the meridional dimension (appendix C). The first meridional derivative of the n term in the zonal momentum equation (involving u n ) appears as a result of the computation of a vorticity equation from both momentum equations. The second meridional derivative of p n is then obtained through the quasigeostrophic approximation. Hence, the n term in the quasigeostrophic potential vorticity equation (3) represents the curl of viscosity, which is also the vertical gradient of the curl of the fluid turbulent stress. On the other hand, the computation of the vorticity equation also leads to the consideration of horizontal divergence, that is, vortex stretching, in the plume dynamics. For each vertical mode, vortex stretching is directly proportional to w n as seen in the fourth line of (C8). The k term in (3) then originates from the density equation relating p n with w n [fourth line of (C9)].
In other words, the k term or vortex stretching directly acts on pressure perturbation and does not depend on the scale of the perturbation, that is, on the scale of the forcing. Conversely, the n term or vertical gradient of the curl of the fluid turbulent stress acts on vorticity perturbation. This means that within the quasigeostrophic approximation, it acts on the horizontal derivatives of the gradient of pressure perturbation, and particularly on the second meridional derivative as a consequence of the anisotropy of the b plume. Thus, the n term is enhanced (quadratically) for small meridional scales of the pressure perturbation, that is, for small meridional scales of the forcing.
To verify the relevance of these theoretical considerations to our idealized experiments, we obtained an additional simulation similar to the control run except with a forcing scale and amplitude of the wind twice as large (R 5 80 km and t max 5 2.10 25 N m 22 ), so that the curl amplitude is unchanged. Figure 3b confirms that, consistent with the above theory, baroclinic zonal scales are larger for larger forcing scales. In addition, the differences in the surface HLCC zonal extent in OFES-N and OFES-Q (Figs. 8c,d ) also agree with theoretical predictions. Note that the theoretical R 2 dependence in (5) suggests that, with R 5 40 km in high-resolution scatterometer data (Chavanne et al. 2002; Yoshida et al. 2011) , the zonal damping scale may be smaller in the real HLCC compared to OFES, and hence that the real HLCC deepening may be steeper than in the OFES simulations. Because the OFES-Q HLCC maximum at 1000 m is already directly below the surface maximum in the immediate lee of the islands (Fig. 6c) , this questions the appropriateness of using the YoMaHa 0 07 signal 408 farther west (Figs. 7d and 11d) as the proxy for the HLCC deepening. As discussed previously, although not very likely, it is possible that the deep Argo signal in the far field does not represent the hypothesized westward deepening but some other dynamical feature. On TABLE 1. Relative importance of vertical diffusion vs vertical viscosity in the b-plume westward decay for the first baroclinic mode (M 1 ) and lowest baroclinic mode order for a dominant vertical diffusion (n 0 ), estimated for ROMS and OFES, and from 0.258 QuikSCAT observations. An estimated Prandtl number s ; 10 is used for OFES and the observations. See text for details.
Data
Lat ( the other hand, such observation is qualitatively consistent with both OFES-N and ROMS and inconsistent only with OFES-Q. Perhaps there is something wrong with the HLCC in OFES-Q: as discussed in appendix B, OFES-Q does not reproduce the observed HLCC interannual variability well . One possible explanation is that OFES-Q might simulate SST fields that are inconsistent with the small-scale air-sea interaction over the real ocean and hence with the QuikSCAT wind forcing, leading to unrealistic behavior in the ocean circulation, a problem discussed by Chelton and Xie (2010, and references therein) . Given the importance of air-sea feedbacks in the HLCC dynamics (Xie et al. 2001) , and the fact that OFES-Q is the only model that implicitly accounts for such interaction in the present study, this hypothesis seems plausible. However, because the deep signal appears farther west in the observation compared to OFES-N (Fig. 5c) , and because the larger forcing scale in the latter should produce the opposite effect according to the theoretical considerations presented here, it is also possible that the idealized model is too simplified to account for the complex dynamics of the real HLCC in the presence of finescale oceanatmosphere coupling.
Summary and discussion
a. Summary
Experiments with an idealized primitive equation ocean model and an analytical LCS model suggest that the dynamical ocean response to small-scale wind forcing is sensitive to both vertical viscosity and vertical diffusion, which preferentially dampen baroclinic Rossby waves associated with higher-order vertical modes. As a result, the b plume induced by such compact forcing thickens, the surface jet weakens, and the strength of the deep flow increases with distance from the source. In contrast, the barotropic transport remains fairly uniform with longitude, in agreement with the Sverdrup dynamics. Consistent with the LCS theoretical model, resulting from a dynamically important vertical viscosity, zonal change in the flow vertical structure occurs over a shorter distance for smaller meridional scales of the forcing. A high-resolution OFES simulation forced by reanalyzed winds represents HLCC time-averaged baroclinic and barotropic structures similar to the idealized b plume. However, when forced by higher-resolution scatterometer winds, the OFES HLCC deep extension does not agree well with the idealized model, possibly because of the distributed forcing along the surface jet axis resulting from air-sea interaction, or because of nonlinear dynamics, eddy fluxes in particular. Nevertheless, the OFES simulations demonstrate the sensitivity of the surface HLCC zonal extent to the wind stress curl forcing scale, as predicted by theory. Whereas our theoretical results are not expected to be quantitatively robust, they are qualitatively useful in that they can help compare numerical solutions with different mixing schemes. Although the LCS, ROMS, and OFES models use stratification-dependent, constant, and KPP-derived mixing coefficients, respectively, they exhibit qualitatively similar baroclinic ocean responses to localized forcing and similar sensitivities to the scale of this forcing. On the other hand, the westward decay of the HLCC transport is likely due to the wind stress curl in the far field, though nonlinear stress may also play a role. This decay likely contributes to the surface flow decay, in addition to the effect of the vertical mixing mechanism. The OFES solutions reveal the existence of a deep HLCC extension, which is also found in Argo float trajectory data, although with different characteristics and large uncertainties that do not allow making any firm conclusions. Still, this qualitative agreement supports the relevance of the baroclinic b-plume dynamics to the real ocean and provides new insight into the HLCC mean structure.
b. Impact of background currents
Whereas the circulation of the World Ocean is characterized by a system of large-scale gyres, effects of the background flow are neglected in the idealized experiments. As discussed in section 3b(1), in the case of the Hawaiian Islands, the NEC acts to cancel out the eastward HLCC to the west of the date line; moreover, the surface and subsurface branches of the HLCC also appear separated because of the superimposition of the NEC, which has a different vertical structure. It is known that mean flow can affect the propagation characteristics of Rossby waves and eddies (Luyten et al. 1983; Rhines and Young 1982; Chang and Philander 1989) , and therefore affect the westward extension of b plumes. Depending on the strength and direction of the flow, different dynamical effects may be anticipated. A large-scale westward zonal flow such as the NEC, superimposed on the double-gyre response to a curl dipole such as the HLCC, may enhance the westward-flowing jets while having a weak effect on the eastward-flowing jet, which is protected by the island topographic barrier (Liu et al. 2003) . The resulting increased meridional shear may then enhance baroclinic and barotropic instabilities and the associated generation of mesoscale eddies (e.g., Yu et al. 2003; Yoshida et al. 2010) , which may affect the mean HLCC horizontal and vertical structures because eddies may either draw energy from the mean flow through dissipation (Yu et al. 2003) or reinforce the mean jet through Reynolds shear stress (Lumpkin and Flament 2013) . Under certain conditions, the background flow may also be able to advect eddies shed around the islands and accelerate their westward drift (Holland and Mitchum 2001) , with potential implications for the plume structure. However, the fact that the HLCC, once isolated from the gyre flow in which it is embedded, compares favorably to the idealized model without background flow is an indication that any interaction between the gyre flow and the HLCC b plume may be weak.
On the other hand, large-scale meridional flow may have different effects. The intrinsic baroclinic instability of meridional flows (Walker and Pedlosky 2002 ) is a source of nonlinearity that may have an impact on the b plume. In addition, meridional advection of slow Rossby waves and eddies is expected even for weak flow regimes (Luyten et al. 1983; Rhines and Young 1982) . Such advection may contribute to the westward HLCC deepening by shifting higher-order baroclinic Rossby waves southward (Qiu and Durland 2002) . However, the damping of higher-order baroclinic Rossby waves by vertical mixing is unlikely to be modified by these dynamics: vertical mixing may still be able to damp Rossby waves, whether shifted southward or not.
c. Impact of the island mass
In this study, the effect of the island mass on the generation of b plumes has been neglected. It is however clear that tall, deep water islands such as the Hawaiian Islands act as topographic barriers to both the oceanic and atmospheric flows, thus potentially generating localized vorticity in the ocean through both wind and topographic forcings.
The effects of the island mass were studied by Qiu and Durland (2002) . They used a 2½-layer model in both idealized and realistic configurations to show that the presence of the island mass within the subtropical gyre generates barotropic zonal jets to the west that contribute significantly to the HLCC barotropic transport by reducing it on its southern flank and enhancing it on its northern flank, with an overall 20% reduction in the net transport. The authors do, however, acknowledge that it may not be the primary forcing of the HLCC. Modeling results obtained with ROMS forced by smooth wind fields have suggested that barotropic zonal jets may also be generated in the lee of tall islands of the southwest Pacific as a result of topographic forcing (Couvelard et al. 2008) .
The relative importance of the two effects and how they interact is an interesting future study. It has indeed been a subject of controversy in the recent literature. Jim enez et al. (2008) studied the relative importance of these two forcings on eddy shedding by a tall, deep water island in an idealized ocean model on the f plane (thus not capable of representing b-plume dynamics) applied to the island of Gran Canaria. They found that topographic forcing was a necessary condition for the generation of a von K arm an vortex street in the island lee, and that wind forcing was only required in the case of weak background oceanic flow. Kersal e et al. (2011) performed sensitivity experiments with a realistic configuration of the ROMS model for the Hawaiian Islands to infer the relative importance of these two forcings on the generation of mesoscale eddies in the lee of the islands and found qualitatively consistent results with Jim enez et al. (2008) . However, Jia et al. (2011) used a similar approach based on the use of the Hybrid Coordinate Ocean Model (HYCOM; Bleck 2002) and found opposite results, with a largely dominant role of wind forcing. In agreement with these results, Yoshida et al. (2010) found a close relationship between 60-day Hawaiian lee eddies and high-frequency wind forcing based on satellite data. Interestingly, they also found that 100-day eddy signals that dominate the HLCC region farther west (near 1658W) were more likely the result of barotropic instability of the sheared NEC and HLCC.
Although these previous works focused on eddy shedding rather than b-plume or HLCC generation, the two questions are related. Indeed, the HLCC is the longterm mean manifestation of westward-propagating mesoscale eddies of both signs, anticyclonic to the south and cyclonic to the north (e.g., Holland and Mitchum 2001; Calil et al. 2008 ). In addition, eddies in both the island lee and the remote region may act as additional sources and sinks of vorticity that can have a significant influence on the time-mean zonal jet as discussed in the previous section.
d. Striations
The recent detection of ubiquitous stationary quasizonal jet-like structures (striations) in the World Ocean (Maximenko et al. 2005 (Maximenko et al. , 2008 may indicate that b plumes survive in most large-scale flows. Indeed, b plumes have been suggested as a mechanism for the formation of some striations (Centurioni et al. 2008; Hristova et al. 2008; Melnichenko et al. 2010; Wang et al. 2012 ). In particular, striations have been found in both zonal and meridional gyre flows. In subtropical eastern boundary current regions, they are tilted toward the equator, consistently with the equatorward flow (Maximenko et al. 2008; Melnichenko et al. 2010) . Interestingly enough, the HLCC contributes to the global grid of striations, as suggested by Fig. 1a in Maximenko et al. (2008) .
e. Need for more observations
This study emphasizes the need for high-resolution winds to force ocean models. It also calls for more
accurate rates of ocean mixing. For a given forcing, the spatial scales of the b-plume vertical spreading depend on the details of vertical mixing, which in numerical models rely on imperfect parameterizations of subgridscale turbulent processes. Likewise, criterion M n , which depends on the forcing horizontal scale, also depends on the parameterized mixing scheme. In fact, the intensity of eddy-induced vertical mixing may be sensitive to characteristics of the wind forcing, such as high-frequency spectrum as suggested by Cardona and Bracco (2012) , and possibly spatial structure as well. Differences in vertical HLCC structure and surface decay between the two OFES solutions may then be partly caused by enhanced eddy mixing in the OFES-Q run associated with the smaller-scale QuikSCAT wind-curl dipole. A better knowledge of vertical mixing, which is a main challenge of modern oceanography, is needed for a better modeling of the westward deepening of the HLCC and other wind-driven b plumes. also provided access to YoMaHa 0 07 data. This research was partly supported by the JAMSTEC, by NASA through Grant NNX07AG53G, and by NOAA through Grant NA17RJ1230, which sponsor research at the International Pacific Research Center (IPRC). Additional support was provided by NOAA through Collaborative Agreements NA09OAR4320075 and NA08OAR4320910, which sponsor research at the Joint Institute for Marine and Atmospheric Research (JIMAR), and by the NASA Grants NNX08AR49G and NNX10AE97G.
APPENDIX A
Analytical Expression of the Barotropic Flow
To construct the wind stress vortex that forces the idealized model, we introduce the Gaussian streamfunction
The expression for the resulting wind stress vector t is then
where k is a unit vector pointing upward. It follows that t max is the maximum wind stress, and it occurs at a distance R from the vortex center. The vertical component of wind stress curl (referred in the rest of the paper simply as wind stress curl) is then
The meridional barotropic oceanic flow V 5 ›C/›x is given by Sverdrup balance (1), where C is the barotropic streamfunction.
The zonal barotropic flow U is finally obtained from the depth-integrated continuity equation by integrating the meridional shear of the meridional barotropic flow zonally from the basin eastern boundary, yielding
where x e is the eastward distance between the vortex center and the eastern boundary. Substituting V into (A4) and using (A3) gives 
where b is the meridional gradient of the Coriolis parameter, r b is the average density of the water column in the study region, and
is the error function.
APPENDIX B
Errors Associated with the YoMaHa 0 07 Velocity Estimates
The YoMaHa 0 07 dataset contains both station data, where a surface and a deep velocity estimate were derived for each Argo float cycle with corresponding geographical coordinates and time, and the gridded bin-averaged data used in this study, where only mean values, standard deviation, and sample size are available. Thus, when using the gridded data only standard errors may be explicitly quantified (see below). However, for station data, error estimates in the individual Argo velocity estimates are provided (Lebedev et al. 2007 ).
The error associated with surface velocity estimates does not include the float slip relative to surrounding water under the joint force of wind and waves. It was estimated with drogued surface drifters (Niiler et al. 1995) to be of the order of a few centimeters per second under moderate winds, which characterize the trade wind region to the west of the Hawaiian Islands. The slip may be stronger for the undrogued Argo floats. The error associated with deep velocity estimates does not account for the real baroclinic velocity structure and does not include variations because of inertial oscillations, among other uncertainties. For more details on the calculation of the surface and deep velocity estimates and associated errors, the reader is invited to refer to Lebedev et al. (2007) . With these limitations in mind, it is worth noting that, according to Lebedev et al. (2007) , both surface and deep velocities are an order of magnitude higher than their respective errors on the global scale. Unfortunately, the authors do not provide the geographical distribution of error estimates.
Temporal sampling is another source of uncertainty. Although the YoMaHa 0 07 dataset covers the 11-yr period from 1997 to 2007, the HLCC axis has been sampled without any major spatial gaps only for the 3-yr period from 2005 to 2007 (Lebedev et al. 2007 ; their Fig. 6 ), so the ensemble mean velocities may not be representative of the ''true'' decadal means. To address questions such as whether the measurements are evenly spaced in time, or whether they are clustered in different time periods at different locations of the HLCC axis, requires a complete analysis of individual Argo float data, which is beyond the scope of the present study.
This limits significantly the comparison of the observed ensemble means with the decadal mean simulated by OFES over 1999 OFES over -2008 The thick dashed lines on all panels are the same as in Fig. 7 . The relatively large error in HLCC mean surface velocities away from the island lee results from both scarce data density and strong variability. Note that this error estimate does not account for errors in the individual Argo velocity estimates.
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HLCC velocity closer to the average over 1993 . On the other hand, the 2005 anomaly is not reproduced in OFES-Q and the model HLCC velocities tend to be weaker than observed over 2000-07 . This suggests that the YoMaHa 0 07 ensemble means (OFES-Q decadal means) may overestimate (underestimate) the true decadal means. Unfortunately, the associated uncertainty is hard to quantify, particularly for deep velocities, for which no other observations are available. Therefore, the zonal dependence of surface and deep mean velocities along the HLCC axis in YoMaHa 0 07 and OFES-Q may only be compared qualitatively and one needs to be cautious even with qualitative comparisons given all the uncertainties of the YoMaHa 0 07 data. It should also be kept in mind that the YoMaHa 0 07 velocities are obtained by averaging a scarce ensemble of in situ data in a region of strong mesoscale eddy activity (e.g., Calil et al. 2008) , so the associated uncertainty is large. The standard error associated with the HLCC surface current estimate (Fig. B1c) , comparable with the mean value (Fig. 7c) , is a result of both scarce data density along the HLCC axis (;20 observations per 18 3 18 grid box over the 11-yr period; Fig. B1a ) and elevated surface current variability (Fig. B1b) (Fig. 7c) , errors remain relatively small. At 1000 m, the data density pattern is similar to the surface but with fewer observations (Fig. B2a) , because many Argo floats are programmed for a different parking depth (Lebedev et al. 2007 ). The error in deep velocities (typically 1 cm s
21
; Fig. B2c ) is large compared to the 2-3 cm s 21 mean deep currents along the HLCC axis to the west of 1658E (Fig. 7d) . Interestingly, the large-scale variability pattern is very different from that at the surface ( scarce data density and strong variability. In contrast to the surface, the latter is highest in the tropics and exhibits a possible deep HLCC extension already seen in the mean. Note that this error estimate does not account for errors in the individual Argo velocity estimates.
where u n , y n , w n , p n , and r n are the expansion coefficients
